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Abstract Over the past several decades, oxygen minimum zones have rapidly expanded due to rising
temperatures raising concerns about the impacts of future climate change. One way to better understand
the drivers behind this expansion is to evaluate the links between climate and seawater deoxygenation in the
past especially in times of geologically abrupt climate change such as the Palaeocene‐Eocene Thermal
Maximum (PETM), a well‐characterized period of rapid warming ~56 Ma. We have developed and applied
the novel redox proxies of foraminiferal Cr isotopes (δ53Cr) and Ce anomalies (Ce/Ce*) to assess changes in
paleoredox conditions arising from changes in oxygen availability. Both δ53Cr and Cr concentrations
decrease notably over the PETM at intermediate to upper abyssal water depths, indicative of widespread
reductions in dissolved oxygen concentrations. An apparent correlation between the sizes of δ53Cr and
benthic δ18O excursions during the PETM suggests temperature is one of the main controlling factors of
deoxygenation in the open ocean. Ocean Drilling Program Sites 1210 in the Paciﬁc and 1263 in the Southeast
Atlantic suggest that deoxygenation is associated with warming and circulation changes, as supported by
Ce/Ce* data. Our geochemical data are supported by simulations from an intermediate complexity climate
model (cGENIE), which show that during the PETM anoxia was mostly restricted to the Tethys Sea, while
hypoxia was more widespread as a result of increasing atmospheric CO2 (from 1 to 6 times
preindustrial values).
1. Introduction
As emitted greenhouse gasses accumulate in the atmosphere, temperatures are rising in both the atmo-
sphere and the oceans with unclear consequences for marine ecosystems (Pörtner et al., 2014). One of the
hazards associated with global warming is a decrease in oceanic dissolved oxygen content. Over the past
50 years O2 levels have been steadily declining, leading to the expansion of so‐called oxygen minimum
zones—areas of hypoxic to suboxic levels of O2 at intermediate water depths due to the decreased solubility
of O2 and increased metabolic rates of heterotrophic microbes as temperatures rise (Keeling et al., 2010).
Understanding the effect of ocean warming on the expansion and intensiﬁcation of oxygen minimum zones
and deep ocean hypoxia is particularly needed (Pörtner et al., 2014). In this study, we assess the development
of ocean hypoxia under high temperatures by using extreme warming in the geological past as an analogue
for modern anthropogenic warming.
The climate of the Palaeocene and Eocene greenhouse periods experienced several extreme transient warm-
ing events of which the largest, the Palaeocene‐Eocene Thermal Maximum (PETM; e.g., Cramer et al., 2003)
occurred about 56Ma (Westerhold et al., 2009). The PETM is a particularly pertinent time interval because of
its parallels to present‐day anthropogenic global warming (Pörtner et al., 2014). Global climate warmed
rapidly by ~5 °C (Dunkley‐Jones et al., 2013) within 4,000–20,000 years (Gutjahr et al., 2017; Zeebe et al.,
2016), with warming lasting for ~200 kyr (Röhl et al., 2007). The cause of the carbon isotope excursion
(CIE) toward lighter δ13C is still heavily debated (Gutjahr et al., 2017) with much of the literature pointing
toward an injection of biogenic methane into the ocean‐atmosphere system (e.g., Svensen et al., 2004). The
injection of large amounts of carbon resulted in a decrease in alkalinity and intense dissolution of CaCO3
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(Penman et al., 2016). The estimated change in pH was about −0.3 units in the surface ocean (Gutjahr et al.,
2017; Penman et al., 2014) with an accompanying rise in the calcite compensation depth (CCD) of up to 2 km
in the Atlantic Ocean (Penman et al., 2016; Zachos et al., 2005) though signiﬁcantly less in the Paciﬁc (>500
m; Colosimo et al., 2006).
The warming of the ocean, increased nutrient runoff, enhanced stratiﬁcation, and the oxidation of a large
body of reduced carbon are all suggested to have reduced oxygen levels in the oceans during the PETM
(Chang et al., 2018; Dickson et al., 2012; Nicolo et al., 2010; Pälike et al., 2014). Deoxygenated bottom waters
are thought to have been commonplace in marginal settings (e.g., Dickson et al., 2014), and oxygen mini-
mum zones have been suggested to have expanded (Chun et al., 2010; Pälike et al., 2014; Zhou et al.,
2016). The presence of geochemical indicators for deoxygenation in the Atlantic, an absence of these in
the Paciﬁc Ocean, and the difference in change in the CCD strongly suggest that the carbon source was situ-
ated in the Atlantic Ocean (Chun et al., 2010; Pälike et al., 2014; Zhou et al., 2016). We propose here to
further investigate the presence and development of hypoxia during the PETM in the Atlantic and Paciﬁc
using Cr isotopes in foraminifera.
Chromium isotopes have received attention in the past few years owing to their potential for reconstructing
the paleoredox state of the oceans (e.g., Bonnand et al., 2013; Reinhard et al., 2014). Chromium has multiple
valence states and is therefore redox sensitive. In the marine environment, Cr can occur as either Cr (III) or
Cr (VI) species, with Cr (VI)‐oxyanions the dominant species in oxic seawater (Cranston & Murray, 1978).
Chromium has four stable isotopes of which the difference in the 53Cr/52Cr ratio compared to National
Institute of Standards and Technology SRM979 is reported in the delta notation as δ53CrSRM979, where
δ53CrSRM979 = 1,000*[(
53Cr/52Cr)sample − (
53Cr/52Cr)SRM979]/(
53Cr/52Cr)SRM979. As seawater becomes less
oxic, Cr (VI) will be reduced to Cr (III), which is removed into oceanic sediments, resulting in lower
dissolved Cr concentrations. The reduction of Cr is accompanied by a substantial isotope fractionation of
up to 7‰ (Ellis et al., 2002). Recent studies have shown that the δ53Cr of modern seawater is heterogeneous
varying between 0.1‰ and 1.8‰, which can partly be explained by a short residence time of ~3,000 years
(Goring‐Harford et al., 2018; Qin & Wang, 2017) relative to the average ocean overturning time of ~1,500
years. There appears to be a negative correlation between [Cr] and δ53Cr in seawater samples measured to
date (Paulukat et al., 2016; Scheiderich et al., 2015) that has been attributed to partial reduction of Cr (VI)
in surface waters and oxygen minimum zones (with a ΔCr(III)‐Cr(VI) of −0.79‰), coupled with Cr (III)
reoxidation in deep waters (Paulukat et al., 2016; Scheiderich et al., 2015).
Experimental data and studies on carbonates show that Cr is incorporated into the calcite lattice of carbo-
nates (Bonnand et al., 2013; Tang et al., 2007) as a chromate ion and therefore marine carbonate records
can be used as a potential archive for seawater Cr. A recent investigation into seawater controls on the Cr
isotopic composition of core‐top foraminifera (Wang et al., 2017) left open questions as to what might drive
incorporation of Cr into foraminifera. No direct calibrations of this proxy in foraminiferal calcite have been
performed. However, recent work has shown that while some Cr is incorporated during calciﬁcationmost Cr
in sedimentary foraminifera has a postdepositional origin and therefore will record bottom and pore water
Cr compositions (Remmelzwaal et al., 2019). Remmelzwaal et al. (2019) also demonstrated that foraminif-
eral δ53Cr values are not species dependent but rather dependent on foraminiferal test size meaning that
the surface area/volume ratio controls Cr exchange between the test and bottomwater and/or sediment pore
waters. Questions around the empirical relationship between δ53Cr and [O2] as well as potential dissolution
effects remain unanswered. We thus interpret δ53Cr data here in a qualitative sense, in terms of the sign of
change, as an indicator of bottom and pore water ocean deoxygenation.
To better constrain bottom water ocean deoxygenation during the PETM, we combine Cr isotope data with
measurements of cerium (Ce), a potentially useful rare earth element (REE) to reconstruct oxidation states
(e.g., Zhou et al., 2016). Unlike most REEs, Ce has two oxidation states, Ce (III) and Ce (IV), and like Cr is
redox sensitive. Modern seawater has a characteristic negative Ce anomaly. This anomaly has been
suggested to have been caused by the oxidation of Ce (III) to the insoluble and particle‐reactive Ce (IV) in
surface waters and estuaries where seawater is consequently depleted in Ce with respect to La, Pr, and Nd
(De Baar et al., 1988). In anoxic waters Ce concentrations are high and the Ce anomaly vanishes or even
becomes slightly positive (De Baar et al., 1988). Ce/Ce* values (deﬁned in section 2.3.2) are approximately
1.0 in anoxic seawater, 0.5–1.0 in hypoxic pore waters and lower than 0.5 for oxic seawater (Zhou et al.,
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2016). Foraminiferal cerium mostly resides in authigenic ferromanganese coatings that form after sediment
deposition (Palmer, 1985).
In this study, we investigate the development of open ocean deoxygenation during the PETM using the for-
aminiferal redox proxies δ53Cr and Ce/Ce*. We compare our data with published geochemical, sedimento-
logical, and micropalaeontological studies that inform on redox conditions during the PETM. We also
perform some ocean biogeochemical model simulations; this model‐data comparison allows us to assess
the evolution of ocean deoxygenation in intermediate and upper abyssal waters and the extent to which
the oceans experienced hypoxia and anoxia.
2. Material and Methods
2.1. Sample Site Selection
Our geochemical data are derived from three sites drilled by the Deep Sea Drilling Program (DSDP) and
Ocean Drilling Program (ODP): DSDP Site 401 is located in the Bay of Biscay (northeastern Atlantic) with
a paleodepth of 1,900 m, ODP Site 1263 is on Walvis Ridge (southeastern Atlantic) with a palaeodepth of
1,500 m, and ODP Site 1210 is on Shatsky Rise (North Paciﬁc) with a palaeodepth of 2,400 m (Figure 1;
Pälike et al., 2014, and references therein). Site 1210 is located in the North Paciﬁc where more vigorous deep
water formation has been suggested to have occurred during the PETM (Lunt et al., 2010; Tripati &
Elderﬁeld, 2005), whereas a slowdown purportedly occurred in the South Atlantic (Site 1263; Tripati &
Elderﬁeld, 2005). It must be noted, however, that there is no consensus on the site of deep water formation
during the PETM with the North Atlantic as location of downwelling (Alexander et al., 2015; Bice &
Marotzke, 2002; Nunes & Norris, 2006). Site 1263 was located near a major oxygen minimum zone (Chun
et al., 2010). Site 401 was in the comparatively narrow North Atlantic that was gradually widening in asso-
ciation with major volcanic activity during the Palaeocene‐Eocene (Svensen et al., 2004).
2.2. Age Models
Age models were derived from the cyclostratigraphic analyses by Gutjahr et al. (2017) for Site 401,
Westerhold et al. (2008) for Site 1210, and Röhl et al. (2007) for Site 1263. These were anchored to a timescale
following the age constraint of the PETM by Westerhold et al. (2009). Linear sedimentation rates were used
to calculate the ages for all the data plotted.
2.3. Analytical Methods
2.3.1. Sample Processing
Sediment samples (n = 87) of 10–20 cm3 were wet sieved with a 63‐μm sieve. Coarse fractions are the dry
mass of the particles larger than 63 μm as the weight percentage of the dry mass of the total sample prior
to sieving. A mixture of planktic foraminiferal species (Morozovella spp., Acarinina spp., and Subbotina
spp.) was picked from these samples to obtain approximately 1,000 specimens (or about 0.11 g). At Sites
1210 and 1263, foraminifera are moderately well preserved before the PETM, but preservation rapidly dete-
riorates during the onset of the CIE and improves again during the CIE recovery (Kelly et al., 2005; Petrizzo,
2007). At Site 401, foraminifera are generally well preserved throughout the studied interval (Pardo et al.,
1997). Samples were cleaned by gently cracking open the foraminiferal tests, with subsequent removal of
clay particles and organic matter by ultrasonication in Milli‐Q (MQ) grade water and by leaching in alkali
buffered H2O2, respectively (Barker et al., 2003). Analysis of the chemical composition of marine Fe‐Mn‐rich
crusts shows that these have relatively low Cr concentrations (16–47‐ppmCr; Hein &Koschinsky, 2014), and
therefore, the Fe‐Mn coatings were not removed to preserve as much of the calcite as possible for analysis
(Remmelzwaal et al., 2019).
2.3.2. Trace Element Analysis
Cleaned samples of ~0.01 g were dissolved in cold 0.5‐M acetic acid, dried down to incipient dryness and
subsequently were dissolved and diluted with 2% HNO3 acid by ~4,000 times to produce a 100‐ppm Ca
solution. A suite of synthetic standards containing 40 trace elements at a variety of concentrations and
doped with 100‐ppm Ca were used to produce a calibration curve. REEs and Cr concentrations were
measured in He and O2 collision mode respectively on an Agilent 7500s ICP‐QQQ‐MS (Triple Quadrupole
ICP‐MS) at the Open University. REE concentrations are normalized to Post Archaean Australian
Shale (PAAS) concentrations (Taylor & McLennan, 1985). Anomalies in Ce are expressed as Ce/Ce* =
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(Ce/CePAAS)/[Pr/PrPAAS*(Pr/PrPAAS)/(Nd/NdPAAS)] (Tostevin et al., 2016). Measurements are reproducible
within ~ ±2% for Cr and ~±9% for Ce/Ce* based on replicate analysis of the carbonate standard reference
material JDo‐1.
2.3.3. Chromium Isotope Analysis
Approximately 0. g of sample (down to 0.03 g during the height of the dissolution event at ODP Site 1263)
was dissolved by ultrasonication in 0.5‐M acetic acid to prevent any potential leaching of any remaining
detrital material left after cleaning. Chromium was subsequently extracted following the cation exchange
chromatographic separation procedures described in Bonnand et al. (2011) with procedural blank Cr
contributions of ~0.2 ng. JDo‐1 was subjected to the same chemistry protocol as the samples. Chromium
isotopes were measured on a ThermoFisher Scientiﬁc Neptune MC‐ICP‐MS at the University of Bristol by
using a 50Cr‐54Cr double‐spike technique following Bonnand et al. (2011). The average value obtained for
JDo‐1 is δ53Cr = 1.715 ± 0.059 (2σ, n = 8), which is within error of previously published values of δ53Cr =
1.719 ± 0.059 (Bonnand et al., 2011). The external reproducibility of National Institute of Standards and
Technology SRM 979 is δ53Cr = 0.002 ± 0.026 (2σ, n = 20).
2.4. cGENIE Modeling Setup
To estimate the global extent of deoxygenation during the PETM, we compare proxy observations of ocean
redox state with model simulations of the Paleogene ocean following the approach described in Monteiro
et al. (2012). The model employed was the Earth system model of intermediate complexity cGENIE, a 3‐D
ocean biogeochemical model coupled to a 2‐D atmospheric model (Ridgwell et al., 2007). Marine productiv-
ity is modeled in cGENIE through the activity of both nonﬁxing phytoplankton and diazotrophs, where pro-
ductivity is limited by light, temperature and nutrient concentrations of phosphate and ﬁxed nitrogen
(nitrate and ammonium). cGENIE lets nitrogen ﬁxation occur when ﬁxed nitrogen is smaller than a dyna-
mical threshold for oligotrophy, which accounts for resource competition. The nitrogen cycle also includes
the nitriﬁcation process of oxidation of ammonium into nitrate (Monteiro et al., 2012). In the model, deni-
triﬁcation occurs when oxygen concentrations drop below 30 μmol O2/L, which is higher than modern
values due to the low model resolution (Monteiro et al., 2012). In cGENIE, the remineralization of particu-
late organic matter follows a double exponential decrease with depth, which depends on the availability of
oxygen, nitrate and sulfate (Ridgwell et al., 2007). Any particulate organic matter reaching the seaﬂoor is
instantaneously remineralized into inorganic matter, as no sediments are included in the model. We conﬁg-
ured cGENIE for the Eocene using bathymetry and continental conﬁguration derived from the higher‐
resolution model Fast Ocean Atmosphere Model simulations. The annual average wind ﬁeld transformed
to the cGENIE grid came from the Eocene Fast Ocean Atmosphere Model experiment run with 4x CO2 (rela-
tive to the preindustrial atmospheric value). cGENIE biogeochemistry accounted for carbon, phosphorus,
nitrogen, oxygen, and sulfur cycling as described by Monteiro et al. (2012), including equations and para-
meter values for ocean productivity and temperature control.
We ran the model under different environmental forcings, varying the oceanic phosphate inventory and
atmospheric CO2 to investigate the impact of changes in nutrient supply and temperature on oceanic
Figure 1. Palaeogeographic reconstruction for 56 Ma (www.odsn.de) with sample sites marked.
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oxygen levels during the PETM. As found inMonteiro et al. (2012), themodel shows that ocean oxygen levels
at the Eocene were more sensitive to changes in phosphate inventory than changes in atmospheric CO2 (see
supporting information B). The model results are then compared with published data and data generated in
this study for seawater deoxygenation and photic zone euxinia across the PETM (Carmichael et al., 2017,
Tables B5 and B6).
We calculate a score of agreement between the model results and data for before and during the PETM (0–1,
where 0 indicates no agreement and 1 indicates perfect agreement; Monteiro et al., 2012). Here, we add the
distinction between anoxia/suboxia (<10‐μMO2; Diaz & Rosenberg, 2008) and hypoxia (10–60‐μMO2; Diaz
& Rosenberg, 2008; Vaquer‐Sunyer & Duarte, 2008) to better capture the subtler deoxygenation that is
thought to have taken place during the PETM in comparison to Mesozoic ocean anoxic events (OAEs).
The geographical extent of photic zone euxinia has been assessed with a threshold of >0‐μM H2S
(Monteiro et al., 2012). See supporting information B for a full description of the agreement calculation.
3. Results
3.1. Chromium and Cerium Anomalies
DSDP Site 401, located in the North Atlantic, shows a rapid increase in foraminiferal δ53Cr of about 1.4‰
paired with a decrease in [Cr] of about 1.5 ppm just prior to the CIE (Figure 2). No Cr isotope data are avail-
able for the onset of the PETM itself as this was an interval of intense dissolution. This dissolution has led to
a condensed section where not enough foraminifera could be obtained for analysis. The highest δ53Cr values
are prior to the onset of the CIE and they recovered to background values 68 kyr after the CIE onset.
Chromium concentrations reach their lowest values of 0.27 ppm prior to the CIE minimum and do not
recover within our 400‐kyr record. The severe carbonate dissolution at ODP Site 1263 (Walvis Ridge,
South Atlantic), as indicated by a steep drop of ~4.8% in the coarse fraction (CF; all material >63 μm), a
monitor of CaCO3 dissolution through this interval, meant that our foraminiferal analysis was unable to
capture the onset of the event (Figure 3). While Cr concentrations are highly variable prior to the PETM
and after peak‐CIE conditions, [Cr] attains its lowest values during the peak of the CIE. The timing of the
crash and recovery in [Cr] corresponds with that of the CF record (Figures 2 and 3).
In the Paciﬁc basin, at ODP Site 1210 (Shatsky Rise) the Cr concentrations are extremely low (down to 0.01
ppm) during the PETM and decrease prior to the CIE. Chromium concentrations are variable prior to the
Figure 2. Records for Sites 401, 1210, and 1263 across the PETM of (a) δ53Cr (‰) show large differences in timing and size between the δ53Cr excursions (b) chro-
mium concentrations (ppm). (c) Cerium anomalies show that northwest Paciﬁc bottom waters were oxic and Atlantic bottom waters were hypoxic. Ce/Ce* above 1
indicates anoxic conditions and below 0.5 bottom waters are oxic (Haley et al., 2004). †Fish tooth Ce/Ce* data for ODP 1263 by Zhou et al. (2016). The dotted
line corresponds to the onset of the CIE associated with the PETM. Tabled geochemical data can be found in supporting information A. BW = bottom water;
DSDDeep Sea Drilling Program; ODOcean Drilling Program; PETM = Palaeocene‐Eocene Thermal Maximum.
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PETM and during the carbon isotope recovery at this site. The maximum δ53Cr value at ODP Site 1210 is
0.71‰ with the highest δ53Cr values occurring approximately 20 kyr after the onset of the PETM in the
middle of the δ18O excursion (Figures 2 and 3). This pattern is unlike the observations at DSDP Site 401,
where δ53Cr values shift before the onset of the PETM.
Foraminiferal cerium anomalies of 0.10–0.28 (Figure 2) conﬁrm previous ﬁndings that the North Paciﬁc
Ocean is more oxygenated than the Atlantic Ocean with values at ODP Site 1263 of 0.72–1.14 falling within
the range found by Zhou et al. (2016). Cerium anomalies of 0.60–1.31 at Site 401 suggest that North Atlantic
bottom and pore waters were severely hypoxic and potentially anoxic.
3.2. Three‐Dimensional Model‐Data Comparison
We reconstructed the change in deoxygenation across the PETM by comparing the data as compiled by
Carmichael et al. (2017), Tables B5 and B6) and results from this study with the cGENIE model results.
The best model ﬁt to the data for pre‐PETM conditions is achieved with the modern oceanic phosphate
inventory (1 × PO4) and 1–2 times preindustrial atmospheric CO2 (1–2 × CO2; Table B1). The best model
ﬁt for the PETM is achieved under 1 × PO4 and 6 × CO2 conditions (Table B4 and Figure 4) and falls within
the estimated pCO2 for the PETM (e.g., Gutjahr et al., 2017; Schubert & Hope Jahren, 2013). In our model,
the Tethys Sea and North Atlantic experience hypoxic to suboxic conditions (Figure 4) even with preindus-
trial forcings while signiﬁcantly less deoxygenation occurs in the eastern Paciﬁc and Southern Ocean.
4. Discussion
4.1. Global Ocean Deoxygenation Patterns
Our model‐data comparison indicates that the Tethys Sea and North Atlantic Ocean both experienced
hypoxia to suboxia (Figure 3), even during pre‐PETM conditions. While anoxia/suboxia seems to be
restricted to the Tethys Sea before and during the PETM, hypoxia spread from the North Atlantic Ocean
and some part of the South Atlantic Ocean to the Eastern Paciﬁc Ocean. The Tethys Sea is the only ocean
basin that experienced extensive photic zone euxinia (Figure 4). According to our reconstruction across
the PETM, hypoxia rose by 15% to reach 27% of the global ocean volume and anoxia/suboxia rose by 2%
to reach 4% of the global ocean volume by varying the CO2 forcings in the model from 1 to 6 × CO2
(Table 1).
Figure 3. Records for Sites 401, 1210, and 1263 across the PETM of (a) benthic δ13C (‰) for Sites 401 and 1210 (Nunes & Norris, 2006; Westerhold et al., 2011),
bulk δ13C (‰) for Site 1263 (Zachos et al., 2005). (b) Benthic δ18O (‰) from N. truempyi (Nunes & Norris, 2006; McCarren et al., 2008; Westerhold et al., 2011).
(c) Coarse fraction (>63 μm) at Site 1263; a measure of CaCO3 dissolution, measured for this study and in agreement with high‐resolution records by
Kelly et al. (2010). The dotted line corresponds to the onset of the carbon isotope excursion associated with the PETM. DSDDeep Sea Drilling Program;
ODOcean Drilling Program; PETM = Palaeocene‐Eocene Thermal Maximum.
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There is considerable evidence for widespread seaﬂoor anoxia in the Tethys during the PETM (see
Carmichael et al., 2017, for a recent compilation; Table 2). Along the northern margins of the Tethys Sea,
there is also evidence for persistent photic zone euxinia (e.g., Dickson et al., 2014) and intermittent euxinia
along the southern and easternmargins during the PETM (Carmichael et al., 2017). The highly reduced state
of the Tethys Sea during the PETM is captured by our model that also indicates the presence of strong photic
zone euxinia in the Eastern Tethys (Figure 4). Our model‐data comparison also suggests that low‐oxygen
environments were present in the Tethys Sea prior to the PETM. Due to its restricted water exchange and
relative proximity to land, the Tethys Sea could have acted as a trap for nutrients causing high productivity
leading to anoxic to euxinic conditions (Carmichael et al., 2017).
In contrast to the Tethys Sea, the Atlantic Ocean was more oxygenated before and during the PETM
(Figure 4). Regionally, the North Atlantic was already hypoxic prior to the PETM whereas the South
Atlantic was mostly oxic representing the more restricted North Atlantic versus the more oxygenated
South Atlantic due to the proposed location of bottom water formation (Tripati & Elderﬁeld, 2005).
Neodymium isotope data suggest that there was limited water exchange between the North and South
Atlantic (Abbott et al., 2016).
Ourmodel‐data comparison indicates that the Paciﬁc Ocean was well oxy-
genated prior to the PETM, except for the area off the western coast of
South America (Figure 4), where analogous to today, the deﬂection of
waters would have resulted in upwelling, nutrient enrichment and high
productivity. However, in agreement with Cr isotope data, our model runs
shows widespread reductions in dissolved oxygen content to hypoxic
levels in the East Paciﬁc during the PETM. This challenges the idea that
the PETM was geographically substantially less widespread than the
Mesozoic OAEs (Carmichael et al., 2017), although the overall decrease
in oxygen concentrations is modest in comparison to, for example, OAE
2 (Monteiro et al., 2012).
Figure 4. cGENIE model result for the best ﬁt conditions for both before and during the PETM plotted with evidence for oxic seaﬂoor environments (cross),
seaﬂoor hypoxia (open circle), and seaﬂoor anoxia (ﬁlled circle). Nonconclusive sets of evidence have been marked by a question mark. The best model‐data ﬁts
were achieved under 1x preindustrial CO2 values (1x CO2) and 6x preindustrial CO2 values (6x CO2) in the model. References for data points can be found in
Carmichael et al. (2017) and include Cr and Ce data from this study in addition. Model results indicate that up to 31% of the global ocean volume may have
experienced hypoxic to anoxic conditions and suggest widespread open ocean deoxygenation took place during the PETM, whereas photic zone euxinia would have
been restricted to the Eastern Tethys Sea and eastern boundary upwelling zones. PETM = Palaeocene‐Eocene Thermal Maximum.
Table 1
Summary of the Findings of the cGENIEModel‐Data Comparison From This
Study on the Percentage Change in the Global Ocean's Oxygenation State
Associated With the PETM
Oxygenation state
Ocean volume (%)
Pre‐PETM PETM
Anoxia/dysoxia 2 4
Hypoxia 12 27
Euxinia 4 8
Note. PETM = Palaeocene‐Eocene Thermal Maximum.
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Our Cr isotope and concentration records are different both stratigraphically and in excursion size at the
three sites and suggest a local redox control. Therefore, variations in δ53Cr values do not necessarily repre-
sent a global signal. We suggest that a range of mechanisms were responsible for the differences in the δ53Cr
records between the sites, which we will explore in further detail in the following sections.
Published seawater data show that modern seawater δ53Crmeasurements are distributed within the range of
0.1–1.8‰ with a median value of 1.2‰ (Bonnand et al., 2013; Economou‐Eliopoulos et al., 2016; Goring‐
Harford et al., 2018; Holmden et al., 2016; Paulukat et al., 2016; Pereira et al., 2016; Scheiderich et al.,
2015). Open ocean intermediate and deep waters have a relatively constant δ53Cr signature (Goring‐
Harford et al., 2018). Less oxygenated waters are expected to have a heavier δ53Cr due to partial isotopic frac-
tionation under more reducing conditions (Ellis et al., 2002). Therefore, one may expect intermediate and
deep water δ53Cr to reﬂect changes in redox state which should be reﬂected by foraminiferal calcite
(Goring‐Harford et al., 2018; Remmelzwaal et al., 2019). The δ53Cr values for the PETM at ODP Site 1210 fall
within the oxic and hypoxic range (Goring‐Harford et al., 2018). Peak Cr isotope values at DSDP Site 401 and
ODP Site 1263 are higher than the modern range for oxic and hypoxic seawater. We assume that this implies
that ODP Site 1263 and DSDP 401 might yield Cr isotope values that can be interpreted as reﬂecting hypoxic‐
anoxic conditions during the PETM, whereas the Paciﬁc recorded minor deoxygenation within the upper
bounds of modern oxic seawater. These ﬁndings are consistent with Ce anomalies, which suggest that the
North Paciﬁc remained oxic in contrast to the North and South Atlantic (Figure 2).
4.2. Deoxygenation Through Ocean Circulation Changes
A switch to warmer, more corrosive and less oxygenated intermediate waters at Walvis Ridge in the South
Atlantic, as postulated by Lunt et al. (2010) can explain the correlation between δ53Cr, [Cr], and the CF
record at ODP Site 1263 (generated for this study and in agreement with the higher‐resolution CF record
by Kelly et al., 2010), and the intensiﬁed carbonate dissolution this represents (Figure 3). While there is no
agreement about the circulation switch (e.g., Alexander et al., 2015; Nunes & Norris, 2006), it is thought
that during the latest Palaeocene, deep ocean formation in the Southern Ocean decreased while a new cir-
culation cell developed in the North Paciﬁc (Tripati & Elderﬁeld, 2005). During the PETM an abrupt
switch to North Paciﬁc convection and a salinity‐stratiﬁed ocean occurred leading to substantial warming
of intermediate and deep waters (Lunt et al., 2010; Tripati & Elderﬁeld, 2005). Additional evidence for
fundamental changes in intermediate and deep water circulation during the latest Palaeocene and
PETM comes from Nd isotopes that suggest changes in deep water circulation started prior to PETM
warmth (Abbott et al., 2016). Model simulations of bottom water circulation during the PETM show that
corrosive bottom waters built up in the North Atlantic and ﬂowed to the South Atlantic during the PETM
Table 2
Summary of Findings for the Palaeoredox State of the Bottom Waters at Intermediate Water Depths During the PETM at
DSDP Site 401 and ODP Sites 1210 and 1263
Location Method Pre‐PETM PETM Post PETM
DSDP Site 401 Bay of Biscay
(North Atlantic)
Ce/Ce* Hypoxic Anoxic Anoxic
δ53Cr Oxic Hypoxic Anoxic Oxic?
cGENIE Oxic Hypoxic —
MnEF and UEF
a Suboxic Suboxic Suboxic
ODP Site 1210 Shatsky Rise
(Paciﬁc)
Ce/Ce* Oxic Oxic Oxic
δ53Cr Oxic Oxic Oxic
cGENIE Oxic Oxic —
MnEF and UEF
a Oxic Oxic Oxic
ODP Site 1263 Walvis Ridge
(South Atlantic)
Ce/Ce* Hypoxic Anoxic Hypoxic
δ53Cr Oxic Hypoxic Anoxic Oxic
cGENIE Oxic Hypoxic —
MnEF and UEF
a Suboxic Suboxic Suboxic
Note. Interpretations of the redox state are based on Ce/Ce* and δ53Cr results from this study, cGENIEmodel‐data com-
parison results from this study. As the cGENIEmodel is spun‐up toward a steady state, there is no “post”‐PETM assess-
ment possible. DSDP = Deep Sea Drilling Program; ODP = Ocean Drilling Program; PETM = Palaeocene‐Eocene
Thermal Maximum.
aMnEF and UEF results are from Pälike et al. (2014).
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(Alexander et al., 2015). This is, however, in disagreement with the Nd isotope data, which suggests a
more limited exchange of waters between ocean basins (Abbott et al., 2016). The warming of South
Atlantic intermediate and deep waters would trigger a reduction in oxygen concentrations and could
provide an explanation for the response in Cr isotopes. The extraordinarily high δ53Cr at ODP Site 1263
(~+3.5‰) can be partly attributed to partial reduction associated with the expansion of a major
oxygen minimum zone off the West‐African coast into intermediate waters as suggested by Mn and U
enrichment factors (EF; Chun et al., 2010). Unlike the MnEF and UEF at ODP Site 1263 (Chun et al.,
2010) and our Ce/Ce* results (Figure 2), the δ53Cr record at Site 1263 does not provide any evidence
for hypoxia prior to or after the CIE (Figure 2) leaving open questions and disagreement with previous
studies (Chun et al., 2010; Pälike et al., 2014; Zhou et al., 2016). This potentially signiﬁes that Cr and
Ce have different oxygen concentration thresholds to Mn and U below which these become redox reactive.
This is partially captured by different standard reduction potentials at seawater pH levels for Cr, Ce Mn,
and U (Brookins, 1988).
The Ce/Ce* at ODP Site 1263 peaks when our measured δ53Cr values are highest, around 40 kyr after the
onset of the PETM, and subsequently recovers to values indicative of near oxic conditions. The Ce/Ce*
record at ODP Site 1263 by Zhou et al. (2016) also peaks approximately 35 kyr after the CIE at anoxic values.
However, our foraminiferal cerium anomalies show a clearer pattern of decreasing oxygen levels prior to the
PETM and a recovery afterward than the Ce/Ce* from ﬁsh teeth, although the latter are recorded throughout
the PETM unlike the foraminiferal data due to carbonate dissolution (Zhou et al., 2016). Geochemical
evidence exists for oxic conditions at the nearby deeper ODP Site 1262 (Chun et al., 2010; Zhou et al.,
2016), although it is thought transient hypoxia did occur in the carbonate‐free interval at ODP Site 1262
(Post et al., 2016). This suggests that deoxygenation mainly occurred at intermediate depths in the South
Atlantic, and less so deeper in the water column.
Our model‐data comparison and Cr isotope data support oxic bottom water conditions before the PETM at
ODP Site 1263 in the South Atlantic (Figure 4) in line with a more intense deep convection in the Southern
Ocean prior to and after the PETM (Lunt et al., 2010; Nunes & Norris, 2006; Tripati & Elderﬁeld, 2005).
Hosing experiments in two climate models (CCSM3 and GENIE) show that stratiﬁcation can lead to a severe
loss of oxygen in the South Atlantic and Indian Oceans (Zhou et al., 2016). Oxic conditions before the PETM
are consistent with our Cr isotope data and recent magnetofossil data (Chang et al., 2018) but are in disagree-
ment with trace metal geochemical data (Chun et al., 2010; Pälike et al., 2014 and Zhou et al., 2016). A
difference in standard reduction potentials between CrO4
2−, MnO2, Ce
4+ and UO2(CO3)3
4−may cause this
apparent discrepancy.
The smaller magnitude of the δ53Cr excursion at ODP Site 1210 compared to the other sites (Figure 2) indi-
cates less intense deoxygenation in the subtropical Paciﬁc gyre than in the Atlantic Ocean. The oligotrophic
environment, which would have been increased due to higher stratiﬁcation during the PETM compared to
background, in combination with the position of the δ53Cr peak within the acme of warming indicated by
benthic δ18O (Tripati & Elderﬁeld, 2005; Zachos et al., 2003) suggests the δ53Cr anomaly can be attributed
mainly to ocean warming driving decreased oxygen solubility. Our model‐data reconstruction also suggests
that deoxygenation across the PETM was due to warming resulting from a threefold to sixfold increase in
atmospheric CO2. It must be noted that alternatively the model is very sensitive to nutrient ﬂuxes and there-
fore only a small increase in nutrient runoff would create a similar effect. This interpretation would support
studies showing increases in weathering (e.g., Dickson et al., 2015; Gavrilov et al., 2003; John et al., 2008;
Ravizza et al., 2001) although it is not clear whether the increased runoff, increasing productivity in coastal
sites, made it out into the open ocean (e.g., Carmichael et al., 2017; Gibbs et al., 2006). The switch to North
Paciﬁc deep water formation as discussed earlier can explain the more pronounced change in [Cr] than in
δ53Cr during the CIE due to a decreased transport of Cr to the open ocean. MnEF and UEF support the obser-
vation from δ53Cr and Ce/Ce* that Paciﬁc intermediate waters remained oxic (Pälike et al., 2014). The recov-
ery in δ53Cr at ODP Site 1210 was rapid as intermediate waters cool.
4.3. Evolution of Deoxygenation
To pinpoint a source for the introduction of reduced carbon during the PETM, it is imperative to assess the
timing of deoxygenation occurring at each of the sites. In the Bay of Biscay (DSDP 401), near the proposed
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site of biogenic methane injection and volcanism, δ53Cr values become more positive prior to the CIE and
peak 9,000 years before the onset of the PETM (Figure 2a) and are corroborated by a drop in Cr concentra-
tions. Ce/Ce* attain anoxic values (Ce/Ce* > 1) at the same time approximately 9,000 years before the onset
of the PETM (Figure 2c). It is possible that sediments deposited just prior to the PETM at DSDP Site 401 may
have been inﬂuenced by interstitial ﬂuid ﬂow during the PETM, which could also partially explain why the
redox response at this location occurred prior to the PETM. However, there is currently no sedimentological
evidence to support this. Chromium isotope values in the Paciﬁc (ODP Site 1210) peak 20 kyr after the CIE
onset, during maximum warmth (McCarren et al., 2008; Figure 2a). The timing of deoxygenation and
response of δ53Cr at Walvis Ridge cannot be determined due to the severe carbonate dissolution during
the onset and main body of the PETM at this site. However, ﬁsh teeth Ce/Ce* data from Zhou et al.
(2016) along with foraminiferal Ce/Ce* from this study suggest peak anoxia in the South Atlantic occurred
approximately 35–45 kyr after the onset of the PETM. Importantly, deoxygenation in the Paciﬁc occurred
before that in the South Atlantic as shown by δ53Cr at ODP Site 1210 on Shatsky Rise in the North Paciﬁc
(Figure 2) and Ce/Ce* at ODP Site 1263 onWalvis Ridge in the South Atlantic (Chun et al., 2010; Zhou et al.,
2016) making the interpretation of a dissipation of the signal due to circulation impossible. Our model‐data
comparison reinforces previous suggestions that anoxia developedmore easily in the Tethys Sea and Atlantic
Ocean than in the Paciﬁc Ocean during the PETM (Chun et al., 2010; Pälike et al., 2014; Zhou et al., 2016)
with conditions of anoxia and hypoxia present in these basins even under pre‐PETM conditions. However,
our model‐data comparison (Figure 4) shows that during the PETM the Paciﬁc Ocean experienced some
deoxygenation reaching oxic‐hypoxic conditions in the North Paciﬁc Ocean and hypoxia in the eastern
Paciﬁc Ocean.
4.4. Temperature Control on Open Ocean Deoxygenation
Comparing the maximum observed excursion size in δ53Cr during the PETM against the maximum carbon
and benthic oxygen isotope excursions (CIE and OIE, respectively) illustrates that the size of the carbon
cycle perturbation does not appear to have an impact on the size of the observed δ53Cr excursion
(Figures 2 and 3). In contrast, a positive correlation is found with the magnitude of the benthic OIE,
implying that warming exerts signiﬁcant control on the size of the δ53Cr perturbation and by extrapolation
over the expansion of open ocean low‐oxygen environments during the Late Palaeocene to Early Eocene.
As the δ53Cr records are incomplete for ODP Sites 401 and 1263, these correlations need to be approached
with caution and may underestimate the Cr excursion. Additionally, when considering vital effects, the
shifts in the foraminiferal δ53Cr likely slightly overestimate environmental changes (Remmelzwaal
et al., 2019), since the maximum test size of planktic foraminifera may have increased by up to 150 μm
during the PETM depending on the foraminiferal species although overall decreases in test size have also
been reported (Alegret et al., 2010; Kaiho et al., 2006; Petrizzo, 2007). Based on Remmelzwaal et al. (2019),
the change in δ53Cr composition associated with the increase in foraminiferal test size and assemblage
could account for a maximum of +0.1‰ to +0.3‰ of the Cr isotope signal during the PETM depending
on the test shape if a test increase is assumed. However, size changes in the foraminiferal assemblage have
not yet been quantiﬁed. These factors affecting Cr isotopes do not impede converting the benthic OIE into
temperature‐associated dissolved oxygen loss (Broecker & Peng, 1982). This shows that thermal effects
account for a loss of −13.0 to −32.7 μmol/kg O2 at the study sites, which by itself is not enough to produce
hypoxia. Warming will have additionally increased microbial metabolic rates (Pörtner et al., 2014). It has
been suggested that the open ocean experienced increased oligotrophy during the PETM (Gibbs et al.,
2006). This, however, would not necessarily imply less biological and biogeochemical activity (Ma et al.,
2014). In combination with increased metabolic rates and more extensive remineralization, a constant
or even decreasing primary productivity in the open ocean could have resulted in amplifying deoxygena-
tion associated with warming of the ocean through increased export productivity. We suggest that
warming of intermediate waters was one of the principal drivers of deoxygenation during the PETM with
the scale of warming (~5 °C; Dunkley‐Jones et al., 2013) producing widespread hypoxia throughout
the North and South Atlantic. Our ﬁndings align with modern observations that warming is a major
controlling factor on open ocean deoxygenation (Schmidtko et al., 2017). The extent of deoxygenation
during the PETM shows that rapid temperature increases have caused widespread open ocean hypoxia
in the past and that future oceans may also experience widespread deoxygenation due to anthropogenic
global warming.
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5. Conclusions
This study shows that foraminiferal δ53Cr during the Late Paleocene and Early Eocene is controlled by local
factors contributing to seawater deoxygenation, which is in line with the heterogeneity of Cr in modern
oceans and its comparatively short residence time. Ourmodel output indicates that deoxygenation was wide-
spread throughout the global oceans during the PETM, while our Cr data sets add valuable information on
local variation in bottom water deoxygenation. We attribute the deoxygenation mainly to rising tempera-
tures in intermediate ocean waters due to higher atmospheric CO2, based on an apparent correlation
between the magnitude of the benthic oxygen isotope and the Cr isotope excursions. Warmer intermediate
waters, an increased microbial loop and remineralization, and declines in oxygen solubility jointly are sug-
gested to have caused the lower oxygen concentrations. If any geographical spreading of deoxygenation
occurred, it appears to have originated in the North Atlantic (DSDP Site 401), in line with evidence for this
basin having been proximal to the location of injection of reduced carbon (Svensen et al., 2004). Chromium
isotope values and Ce anomalies at ODP Site 1210 indicate this site may have been less impacted by deoxy-
genation than the two Atlantic sites.
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